Recent theoretical studies have indicated that large-scale circulation in deep convective regions evolves subject to an overall static stability-termed the gross moist stability-that takes into account both dry static stability and moist convective effects. The gross moist stability has been explicitly defined for a continuously stratified atmosphere under convective quasi-equilibrium constraints. A subsidiary quantity-the gross moisture stratification-measures the overall effectiveness in producing precipitation subject to these quasi-equilibrium constraints. These definitions are relevant in regions that experience deep convection sufficiently often; criteria based on climatological precipitation and maximum level of convection are used to define a domain of applicability. In this paper, 10-yr monthly mean rawinsonde data, and European Centre for Medium-Range Weather Forecasts (ECMWF) and National Meteorological Center (NMC) analyses are used to estimate the magnitude and horizontal distribution of these two quantities in the Tropics within the domain of applicability.
Introduction
In the Tropics, it has long been recognized that the appearance of organized deep convection is strongly associated with high sea surface temperature (SST) and surface wind convergence (Gutzler and Wood 1990; Fu et al. 1990; Waliser et al. 1993; Zhang 1993; Fu et al. 1994 ). Meanwhile, the latent heat release in tropical deep convection regions serves as the main energy source for many large-scale features, such as the ITCZ (intertropical convergence zone) and the MJO (Madden-Julian oscillation). The interaction between the ensemble effects of deep convection and the large-scale circulation, and the link between these and ocean surface conditions, is a longstanding issue in tropical studies. This has been studied in number of simple models. Despite the apparent diversity of the proposed mechanisms in linking SST to convection and large-scale circulation, these simple models all have some degree of success in simulating the low-level flow forced by SST anomalies. In such studies, the latent heating is either directly coupled to the SST (e.g., Gill 1980; Weare 1986; Kleeman 1991; and many others) or indirectly linked to the SST Y U E T A L . through a simple feedback mechanism (e.g., Zebiak 1982 Zebiak , 1986 Webster 1981) . Lindzen and Nigam (1987) bypassed treating the explicit effect of latent heating and suggested that the SST affects the atmospheric boundary layer by changing baroclinic pressure gradients. Neelin and Held (1987) modeled time-mean, largescale deep convection features in the Tropics by using the vertically integrated moist static energy budget in a two-layer model. They suggested that a quantity termed the ''gross moist stability'' is important to large-scale motions in convective regions. In a two-layer model, this is just the difference between the dry static stability and the lower-layer moisture. If the lower-layer moisture increases with SST and dry static stability is constant, the two-layer model gives small gross moist stability in regions of high SST and thus favors convergence zones. A similar two-layer model was also applied to a timedependent case (Neelin et al. 1987) .
Recently, in a more formal framework, Neelin and Yu (1994, hereafter NY) carried out a series of analytical solutions in a continuously stratified atmosphere to discuss the modes of tropical variability arising through the interaction between the large-scale dynamics and cumulus convection using the Betts-Miller (Betts 1986; Betts and Miller 1986 ) moist convective adjustment (MCA) scheme. The quasi-equilibrium (QE) constraints implied by the Betts-Miller MCA scheme lead to a precise definition of the gross moist stability, referred to here by the symbol M. Under the same framework, Yu and Neelin (1997) demonstrated that the methods applied in NY (i.e., the convective QE constraints) can be carried over to a model that refines the Neelin-Held mechanism with a more precise definition of the gross moist stability that allows continuous stratification, horizontal inhomogeneity, and variations of the depth of convection. They further pointed out that different mechanisms proposed in many simple models, such as the Lindzen-Nigam and Neelin-Held mechanisms, are to a large extent reconcilable. The gross moist stability measures the net stability, including the moisture effects, of the atmosphere felt by the large-scale perturbations. For the time-dependent case, M dictates the phase speed of the low-frequency MJO (NY). For the steady-state case, it affects the nonlocal atmospheric response since this is determined by the balance between damping terms and the propagation tendency of equatorially trapped waves associated with M (Yu and Neelin 1997) . A ''gross moisture stratification'' can also be internally defined through the moisture budget under the same QE constraints. This quantity characterizes the moisture available for precipitation in presence of largescale convergence.
Many studies (Lau and Peng 1987; Lau and Shen 1988; Swinbank et al. 1988; Hess et al. 1993; Waliser et al. 1993) have also shown that the strength of the MJO and the ITCZ can be significantly modulated by SST, with stronger response over warmer ocean. For reference, Fig. 1 displays the observed seasonal cycle of SST and precipitation in the Tropics. Regions with heavy precipitation are associated with warmer SST but not perfectly.
Although theoretical results suggest that the gross moist stability and the gross moisture stratification are important, there has been almost no work on estimating them. In this paper, spatial distributions of both gross moist stability and gross moisture stratification are estimated using rawinsonde data and analysis data of the global tropics from the European Centre for MediumRange Weather Forecasts (ECMWF) and the National Meteorological Center (NMC, now the National Centers for Environmental Prediction). In section 2, formulation of the gross moist stability is presented. Section 3 briefly describes the datasets used. Section 4 presents estimates of the gross moist stability, gross moisture stratification, and a comparison of the results between ECMWF and rawinsonde datasets (results based on NMC data are presented in appendix B). Section 5 provides an analytical examination of factors affecting the gross moist stability using two idealized cases. Further analysis using ECMWF data is also included in this section. Section 6 discusses the physical implications of the results. Conclusions are summarized in section 7.
Formulation
A precise definition of the gross moist stability was first presented in NY for the case of a homogeneous convective atmosphere. Later, Yu and Neelin (1997) generalized to the case of slowly varying basic states. Under the same framework, this also leads to a precise definition of the gross moisture stratification through the moisture budget. We note that both quantities are internally defined in a continuously stratified atmosphere under deep convective QE constraints. We summarize definitions of these two quantities here. A brief outline of the Yu and Neelin (1997) derivation is presented in appendix A for reference.
The gross moist stability (M) and the gross moisture stratification (M q ) can be expressed as A( p, x, y) give the vertical structure of temperature perturbations under convective QE constraints VOLUME 55 
FIG. 2. Vertical profile of
A ϩ (which gives the vertical structure of baroclinic pressure gradients in convective regions) calculated from Jordan's (1958) profile.
Here, ϭ c p /R measures the ratio of the specific heat at constant pressure to the gas constant; p 0 is the surface pressure, p t the maximum depth of convection, p b the cloud base pressure, and ⌬p t the pressure depth from p 0 to p t . The saturation mixing ratio change with respect to temperature at a given level is denoted ␥ ϭ (dq sat / dT) T and ␥ b is its cloud base value. We note that since QE constraints on temperature apply over the depth in which deep convection frequently occurs, the integrals are taken from the PBL to the maximum depth of convection. Also in (2.2a), we have used
for vertically averaged quantities. The quantity A is the characteristic vertical structure of temperature perturbations constrained by convection to be approximately moist adiabatic. It is worth noting that the vertical change of A is typically much larger than the horizontal change. Neelin and Yu also showed that M is not very sensitive to details of the structure of A. Betts and Miller (1986) use a profile of A that differs slightly from the moist adiabat, but the approximation of using the moist adiabat in (2.4) makes little difference. The vertical profile of A ϩ calculated from Jordan's (1958) sounding is shown in Fig. 2 for reference. It gives the vertical structure of baroclinic pressure gradients resulting from temperature perturbations of the form (2.3). The quantity ⍀( p, x, y) is the shape of the vertical velocity profile for inviscid motions obeying these convective constraints and subject to upper and lower boundary conditions of vanishing vertical velocity. Note that ⍀( p, x, y) depends only on the basic-state temperature profile and changes slowly in the horizontal if A does. The sign has been chosen such that for a typical sounding profile in the Tropics, this quantity is positive (see appendix A). In (2.1a), h ϭ s ϩ q is the basic-state moist static energy, with s and q denoting the basic-state dry static energy and specific humidity, respectively. An additional quantity, M s , the gross dry stability, may be defined by using s instead of h in (2.1a), so that M ϭ M s Ϫ M q . The basic state in (2.1a,b) is assumed to be slowly varying in the horizontal. Since the derivation assumes that variations about the basic state are subject to moist convective QE constraints, the definitions are relevant only in regions where deep convection occurs with sufficient frequency.
We also note that the original form of M, (2.1a), is more useful in discussing the analytical interpretation. To facilitate calculations of M and M q , we use the following alternative forms of (2.1a,b) (after employing integration by parts) for numerical calculations: 
Data
Three datasets are used: the first is taken directly from rawinsonde soundings. To obtain greater spatial coverage, two datasets from operational model analyses are also used. The spatial variation of the climatology of our calculated quantities is our main interest so we are forced to use the operational analyses, despite deficiencies and caveats discussed below and in Lambert (1988) and Trenberth and Olson (1988) . For the actual sounding data, we select 14 rawinsonde stations inside the domain of our interest from January 1980 to December 1989. Figure 3 shows the geographical positions of these rawinsonde stations. The different sounding regions are numbered for reference. We chose these areas for two reasons: (i) they are the only stations that provide uninterrupted sounding observations in the domain of interest for the same periods as those of ECMWF and NMC model analyses, and (ii) their area means are typical of five different regional thermodynamic characteristics over the Tropics. Area I roughly represents characteristics of the central Pacific, area II the western Pacific, area III the tropical continents, and areas IV and VI the southern Pacific and Indian Oceans, respectively. Area V represents subtropical characteristics whose position is close to the edge of the domain of applicability.
Model analysis datasets are taken from ECMWF and NMC global monthly mean analyses, respectively. For ECMWF data, the temperature, relative humidity, and geopotential height data are available on seven pressure levels: 100, 200, 300, 500, 700, 850, and 1000 mb. The latitude-longitude resolution is 2.5Њ by 2.5Њ. For NMC data, nine standard pressure levels are chosen: 50, 100, 200, 250, 300, 500, 700, 850, and 1000 mb. However, values of the specific humidity are available only in the lowest four levels. Latitude-longitude resolution is 2.5Њ VOLUME 55
The domain of selected rawinsonde stations studied in this paper. Different regions are numbered for comparison with the results from model analysis data. There are four rawinsonde stations in area I; three in area II; two in areas III, IV, and V; but only one rawinsonde station in area VI.
by 2.5Њ. Detailed discussion of ECMWF and NMC datasets can be found in Bengtsson et al. (1982) and McPherson et al. (1979) . Prior to March 1992, the NMC dataset suffers from an error in that virtual temperature rather than temperature was recorded (J. E. Janowiak 1995, personal communication). To remedy this, we use an iterative algorithm to correct this error in deriving specific humidity and temperature. However, submonthly variations and the nonlinearity of virtual temperature imply that these corrected fields still contain some error. Thus, we use the ECMWF dataset as our primary analysis dataset and relegate the NMC dataset to a comparison in appendix B.
Since we are only interested in understanding the climatic characteristics of the gross moist stability and gross moisture stratification, a 10-yr average (from January 1980 to December 1989) of the monthly mean data is taken as the climatology.
Results
Since the determination of the maximum level of convection is important to the estimate of M, we first show the horizontal distribution of an estimate of this level in Fig. 4 . Realistically, determining the level to which convection can extend from a given sounding is a complicated issue that could be affected by entrainment processes, etc. We simply use the level at which the moist adiabat rising from the top of PBL loses buoyancy, approximately:
where h ( p t ) and h b are the mean moist static energy at convective top and the PBL (characterized by 1000 mb) respectively. This estimate of the maximum level of convection is affected by the approximation h sat (p t ) ഠ h ( p t ), by interpolation, and by the assumption of a nonentraining, pseudoadiabatic path for the highest rising convective parcels. It is biased on the high side, with the effect being small in deep convective regions but substantial in regions where the estimated level descends lower. Using h , not h sat , in (4.1) provides a reliable algorithm, but in regions where this level is low, the sounding may not be convectively unstable through this depth. We ignore regions with maximum level of convection at heights less than 300 mb and allow for effects of changes in the vertical extent of convection, providing a more precise estimate of the gross moist stability compared to that of Neelin and Held (1987) . Figure 4 shows the seasonal cycle of the distribution of the maximum level of convection estimated from the ECMWF climatology. Consistent with the precipitation pattern, the maximum level of convection follows the migration of SST with deeper clouds occurring over warmer ocean. In all seasons, there is an obvious boundary with strong gradients of the maximum level of convection; we take regions with the estimated climatological maximum level of convection at heights greater than 300 mb as one criterion in defining the domain of applicability of our calculation. Figure 5 compares the ECMWF gridded soundings with the actual rawinsonde profiles for the six areas delineated in Fig. 3 . Here we show moist static energy (h) profiles instead of equivalent potential temperature ( e ) profiles for consistency. Although small discrepancies can be observed, the ECMWF profiles are qualitatively similar to the actual rawinsonde profiles in most areas except in area III. There, the ECMWF data yields larger values of h and h sat in the entire troposphere, and the difference is larger in the lower troposphere than in the middle and upper troposphere due to significant lowlevel moisture and temperature errors in the ECMWF data. Table 1 lists the values of M, M q , and p T estimated from rawinsonde and ECMWF data. The standard deviations between individual stations within each area are given as a measure of how sensitive these qualities are to small differences between soundings. There is rough agreement between rawinsonde and ECMWF values, but substantial systematic errors are found, despite
a. ECMWF-rawinsonde comparisons
FIG. 4. Seasonal cycle of the maximum level of convection distribution estimated from ECMWF climatology in January, April, July, and October. The maximum level of convection is defined as the highest possible cloud top estimated using (4.1). Contour interval 50 mb; stippled over 200 mb.
the apparent closeness of the profiles between rawinsonde and ECMWF soundings. Except in region VI, ECMWF soundings underestimate values of M because higher h in the upper troposphere gives a lower maximum level of convection. Errors in M are smaller than if errors in M q and M s were independent. This is because a strong cancellation between high surface moisture values (giving large M q ) and higher p T (giving larger M s ) results in smaller M errors. Since the square root of M characterizes the propagation speed of the waves obeying QE constraints (see appendix A), errors in phase speed will be smaller than errors in M. The comparison here suggests that the ECMWF data can provide a qualitative picture of the distribution of M and M q over tropical oceans, although quantitative aspects should be interpreted with caution. Figure 6 presents the seasonal cycle of the gross moist stability (M) distribution estimated from ECMWF data. Cross-hatched lines denote regions outside the domain of applicability. We have used a criterion that mean precipitation should be greater than 50 mm month Ϫ1 and maximum level of convection should be less than 300 mb for the domain of applicability, indicating regions with substantial amounts of deep convection. These values are chosen as rough indicators, based on typical climatological values of precipitation and deep convective top, and are not sharp definitions of the region of validity. In Fig. 6 Neelin and Held (1987) , our calculation concurs that there is a well-defined gross moist stability that is much less than the dry static stability. However, the results differ in that the pattern of M is not closely linked to SST. If anything, we would characterize the M distribution as being surprisingly constant (within the domain of applicability and within the errors of the analysis dataset). The reason for this is a compensation between effects of the maximum level of convection and of low-level moisture. In regions of high surface moisture (typically associated with high SST), convection extends higher, and the net moist stability remains about the same. The mechanism by which cloud-top effects modify these of low-level moisture variations is quantified at length in section 5. Figure 7 displays the seasonal cycle of the gross moisture stratification (M q ) distribution as estimated from the ECMWF data. In contrast to the gross moist stability, the pattern of M q is strongly influenced by the ocean surface conditions such that it closely follows the SST distribution, with larger values of M q occurring over warmer ocean. Significant zonal and meridional gradients of M q are found for all seasons, even in the convergence zones. The magnitude ranges from 1500 to 3500 J kg Ϫ1 in the domain of interest. The 2500 J kg Ϫ1 contour lines roughly coincide with the 28ЊC SST isotherms and 1500 J kg Ϫ1 contours with the 24ЊC SST isotherms. Since most moisture is confined to the lower troposphere and is significantly governed by its saturation value, this strong link between SST and M q is expected.
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b. Gross moist stability
c. Gross moisture stratification
There is also strong resemblance between the M q distribution and the climatological precipitation pattern. Except for the eastern Pacific convergence zone, the 2500 J kg Ϫ1 contour lines in Fig. 7 roughly coincide with the the edge of 200 mm month Ϫ1 in Fig. 1 . Since M q measures the moisture available for precipitation in presence of large-scale convergence, the results presented in Fig. 7 quantify the spatial inhomogeneity of the moisture reservoir in the tropical atmosphere. That is, given the same convergence perturbation, the precipitation response will be greater in the western Pacific compared to that in the eastern Pacific simply due to inhomogeneous M q . In this regard, the present results concur with the earlier Neelin-Held version.
Further analyses of M
To understand competing effects causing M not to vary strongly despite large changes in moisture, we consider the effects on M of a general modification to the moist static energy profile, using (2.1a). To facilitate discussion, we separate the gross moist stability into a horizontal mean component and a component due to departures from this
where ͗M͘ is the gross moist stability horizontally averaged over the entire domain of interest and M* denotes departure from the horizontal mean. The same analysis would apply with angle brackets denoting a more general reference state and asterisks denoting any modification. The modification of the gross moist stability M* can further be divided into components associated with departures of moist static energy h* and with departures of cloud-top : by definition. For positive , the first and second terms p* t on the right-hand side of (5.2d) are positive. In other words, if cloud top becomes higher, the correction of M due to cloud-top effect is positive.
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a. Simplified examples
To discuss variations of M due to h and p T changes, two idealized cases are chosen. To avoid dealing with the variation of A ϩ with temperature, we consider that the variation of h is mainly due to moisture. First, we consider a case with a modification that affects the PBL, and thus also affects cloud-top level, as shown in Fig.  8 . Let the moisture increase q* be
where is the maximum moisture departure in the PBL q* b and 1 is a linear function of pressure given by
Using (5.3a), (5.3b) in (2.1a) and (5.2) yields the following corrections to the gross moist stability due to low-level moisture increase and cloud-top variation, respectively: We next assume a lower midlevel modification of the moisture profile, as shown in Fig. 9 , without affecting the PBL (and thus cloud top). The moisture departure q* is assumed to be q* ϭ 2 (p) , q* max (5.5a) where is the maximum departure at level p ϭ p m , q* max and 2 (p) is given by
so the moisture change is confined in the lower midlevels. The moisture change given by (5.5a), (5.5b) yields a correction to the gross moist stability:
Here ϭ 0 because no cloud-top variation occurs in M* p t this case. It is noted that the two terms on the righthand side of (5.6) are opposite in sign, giving cancellation in M* in this case as well. For instance, for the case of an idealized profile of ⍀( p) as a quadratic with maximum absolute value ⍀ max at level p ,
We find that ϭ 0 when p u ϭ p t and p m ϭ p . This M* h does not hold exactly in general but, as a rule of thumb, has opposite sign to the moisture change when the M* h maximum absolute value of the moisture departure occurs at levels lower than ⍀ max . This is the case for typical moisture variations since at upper levels variation of q is small.
b. Two-dimensional analysis using ECMWF analysis data
We now use (5.2a) to examine quantitatively the two competing effects, low-level moisture increase and cloud-top change, in modifying the gross moist stability as a function of space in the climatology. Neelin and Held (1987) . Figure 10 shows longitude-latitude sections of the gross moist stability variations (defined as the deviation from horizontal mean) in the tropical Pacific due to (Fig. 10a) and (Fig. 10b) Figure M* h 10c shows the combination of both effects, with dramatically reduced variations (less than 200 J kg Ϫ1 in most areas) and little relation to SST. Except in the western equatorial Pacific, the correction due to cloudtop effect is typically slightly larger than that due to . A caveat is that the maximum level of convection M* h is used and our estimate of this is biased high, so we may be overestimating the effect. p* t
Implications a. Madden-Julian oscillation
1) PHASE SPEED
One of the main physical consequences of the gross moist stability is its effect on the phase speed of atmospheric motions in deep convective regions. The most notable of such wave phenomena is the MJO. We refer to the moist mode with Kelvin wave meridional structure in the NY model as the MJ mode. If one neglects the viscosity due to mechanical and thermal effects, the slow phase speed of the MJ mode is approximated by (see NY)
where M is the gross moist stability defined in (2.1) and A* ϭ Â ϩ [see (A.7)]; C p A* is a quantity denoting ␣␥A thermal inertia associated with the large-scale QE motions with A* ϭ ϩ [see (A.7)]. Since we havê A ␣␥A shown that M changes only modestly within the deep convection region, the effect of A* on phase speed of the MJ mode becomes of interest. Figure 11 shows the horizontal distribution of A* calculated from annual mean ECMWF climatology with ␣ ϭ 1.0. We note that the A* distribution is almost homogeneous in the convergence zones. A detailed investigation (not shown) by separating A* into temperature contribution, Â , and moisture contribution,
indicates that a strong can-␣␥A, cellation between these two terms results in a homogeneous distribution of A* in deep convection regions. This implies that the phase speed change of the MJ mode due to inhomogeneous basic state is also modest so long as the mode remains in deep convective regions, and considering divergence, wind, or temperature as the quantities used to measure phase speed. As discussed in the next section, precipitation can behave differently. The square-root dependence of phase speed also tends to reduce variations with M and A*.
2) PRECIPITATION
From Yu and Neelin (1997) , we note that the strength of precipitation does not depend solely on the strength of convergence but is also dictated by the magnitude of M q . To illustrate, we impose a steady divergence pattern of the baroclinic wind, , as a forcing with a constant VЈ T phase speed moving across the tropical Pacific. The idealized divergence pattern is given by
over one half-wavelength of the sinusoid, where L x ϭ 180Њ is the zonal wavelength of the forcing, L y ϭ 6Њ is the decay scale away from the equator, D max ϭ 2 ϫ 10 Ϫ5 s Ϫ1 in (6.2) denotes the maximum amplitude of the prescribed divergence field, and c is the phase speed mimicking MJO-like propagation. Figure 12 displays the precipitation response [calculated from (A8)] in five different phases to mimic a constant eastward-moving convergence field associated with the Kelvin-wave-like MJO. These five different phases correspond to five convergence forcing centers at 90ЊE, 135ЊE, 180Њ, 135ЊW, and 90ЊW. Two prominent features are found. First, the atmosphere VOLUME 55 exhibits a quite different precipitation response in each phase due to differences in the moisture reservoir (M q ). A stronger precipitation response is found when the forcing is applied in the central and western Pacific, a relatively weaker response appears in the eastern Pacific, and a rejuvenation is found in the vicinity of South America. Second, the propagation of the precipitation pattern is significantly retarded in the central and western Pacific regions. From phase 1 to phase 4, the convergence center travels 135Њ of longitude while the precipitation center travels only about 95Њ of longitude. The convergence pattern has a given phase speed of 15 m s Ϫ1 , while the precipitation pattern appears to have a propagation speed of about 11 m s Ϫ1 from phase 1 to phase 4. The results presented here indicate that it can be misleading if one only utilizes the deep convection signal (e.g., the outgoing longwave radiation in observations or pre-Y U E T A L . Fig. 6 except for the gross moisture stratification (M q ) distribution. Contour interval 500 J kg Ϫ1 ; stippled over 2500 J kg Ϫ1 .
FIG. 7. As in
cipitation in models) as a measure of the MJO propagation.
b. Gill-like models
That magnitudes of the gross moist stability distribution are less sensitive to the SST distribution compared to the gross moisture stratification explains why simple Gill-like models (e.g., Gill 1980; Zebiak 1982 Zebiak , 1986 Weare 1986; Lindzen and Nigam 1987; and many others) can obtain plausible results while using constant phase speeds for simulating winds. The propagation tendency of the equatorially trapped waves, which is dictated by the gross moist stability (NY; Yu and Neelin 1997) , is relatively ''flat'' in our estimates. This implies that the overall stratification felt by motions in deep convective regions is not too far from the simple model approximation of constant phase speed, so far as the VOLUME 55 dynamical response is considered. This may partially explain why these simple models all have some degree of success in ENSO studies despite simple physical assumptions. Ironically, models that use a convergencefeedback parameterization with varying lower-layer moisture but fixed vertical structure of the heating may actually do worse than simple models that use a constant moist stratification assumption. As shown in section 5, changes in the depth of convection can substantially compensate for increases in low-level moisture.
The precipitation (or heating) response, however, may be very different from the Gill-like models due to inhomogeneous moisture reservoir in the tropical atmosphere. In the Yu and Neelin (1997) model, aside from the low-level convergence, the precipitation also depends on the gross moisture stratification. Because the gross moisture stratification is strongly affected by the ocean surface conditions, the precipitation response per unit of low-level convergence tends to be stronger in the western Pacific than that in the eastern Pacific due to inhomogeneous M q . However, the larger precipitation response does not directly affect the response of the dynamics to SST, which is dictated by M.
Conclusions
In this paper, we present a quantitative examination of the spatial distribution of the gross moist stability and gross moisture stratification using 10-yr monthly mean datasets from rawinsonde sounding and model analyses from ECMWF and NMC. Our results show that, in contrast to traditional intuition about the net stability of the tropical atmosphere, the gross moist stability (M) is affected by ocean surface conditions (notably the SST) in a subtle way. In the convergence zones, its magnitude varies modestly from 200 to 800 J kg Ϫ1 , corresponding only to a phase speed change from 8 to 16 m s Ϫ1 . Further analyses indicate that significant cancellation between the cloud-top effect (which acts to increase the value of M by redistribution of the moist static energy through a deeper column) and the lowlevel moisture change (which acts to decrease the value of M by increasing the moist enthalpy in the boundary layer) tends to keep variations of M small in deep convection regions. We note that the results accord with the Neelin-Held (1987) theory in that the gross moist stability is small compared to typical dry static stability but is positive. However, the way that we allow the cloud-top level to vary according to the boundary layer conditions significantly modifies the Neelin-Held theory. In particular, the gross moist stability distribution does not follow SST changes in a simple fashion. Rather, the value of M changes only modestly with respect to SST distribution in deep convection regions. In the steady-state problem, the balance between the convergence-divergence of moist static energy governed by M and the net heat fluxes into the column determines the low-level convergence. In carrying out such calculations, care must be taken to include the vertical structure of the wind field given by (A.5).
The pattern of gross moisture stratification (M q ), on the other hand, is strongly regulated by the SST with significant horizontal gradient observed in the domain of interest. Larger values of its magnitude tend to occur over warmer SST areas. The pattern also marks the positions of convergence zones with the 2500 J kg Ϫ1 contours roughly coinciding with the 200 mm mo Ϫ1 contours. It is noted that a simple correspondence between the magnitude of gross moisture stratification and SST 
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FIG. 12. The precipitation response in five phases of an idealized Madden-Julian oscillation-like convergence field (6.2) propagating at constant phase speed along the equator. These five phases, from top to bottom, correspond to the response when forcing centers (denoted by heavy arrows) are placed at 90ЊE, 135ЊE, 180Њ, 135ЊW, and 90ЊW, respectively. is evident regardless of cloud-top effects. Since M q provides a measure of the basic-state moisture available for precipitation, its horizontal variations summarize the inhomogeneity of the moisture reservoir. This implies that the western Pacific should have a stronger precipitation (or heating) response per unit convergence compared to the eastern Pacific. However, this stronger precipitation response is not linked to a reduction in the effective stratification felt by the large-scale rising motions since the heating is distributed over a deeper layer. Thus, simple Gill-like models that use a constant moist phase speed may actually do better, in dynamical aspects, than models that have a fixed-depth heating proportional to convergence. The analysis here points to considerable importance of changes in the depth of heating in compensating for low-level moisture variations.
The use of M and M q in interpreting the slowly varying large-scale phenomena applies in deep convection regions. The domain of applicability of this study is restricted to regions in which deep convection occurs often enough to constrain large-scale temperature fields. Extension of the theory used here to nondeep-convective regions, such as the subtropics and parts of the eastern Pacific, is the subject of ongoing work as outlined in Neelin (1997) . Essentially, the effective stability switches from M in convective regions to the much larger dry static stability in nonconvective regions. Within the deep convective regions, one of the most useful results for thinking about the large-scale flow is simply that M is positive and not highly variable. This implies that it does make sense to consider a stable largescale response of the tropical atmosphere to forcing by lower boundary conditions, even when cloud-scale motions are unstable. 
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mates of M, M q , and the maximum level of convection crucially depend on thermodynamic structures in the lower troposphere, this implies that the ECMWF data is a better choice to estimate the spatial distributions of the above quantities. We also note that the ECMWF data have a large bias in area III (tropical continents) due to large low-level moisture and temperature errors as we have discussed in section 4a.
Next, we compare the gross moist stability calculated, respectively, from ECMWF (upper panel) and NMC (lower panel) data in Fig. B2 . Values of M calculated from NMC data are smaller than from ECMWF data; in most regions, less than 400 J Kg Ϫ1 . The field of M calculated from NMC analysis is smoother than from ECMWF analysis. Figure B3 shows the distributions of the gross moisture stratification calculated from the NMC analysis (the lower panel) and the ECMWF analysis (the upper panel), respectively. Similar to the results of Fig. B2 , M q calculated from NMC analysis has smaller values than from ECMWF analysis. Overall, however, the patterns from both analyses are similar.
Several possible effects may contribute to the differences in M and M q between the NMC and the ECMWF analyses. First, NMC data only provide moisture data up to 500 mb while ECMWF data provide moisture data up to 100 mb. Second, it has been pointed out by several authors (Lambert 1988; Trenberth and Olson 1988 ) that due to different cumulus schemes used by NMC and ECMWF models, there are disagreements in the Tropics between these two models. Moreover, since the NMC data has a known error, which we have corrected with an iterative scheme (see section 3) we regard the ECMWF data as more reliable.
